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ABSTRACT
EARLY PLIOCENE ROSS SEA PALEOCLIMATE AND A NEW APPLICATION OF
THE DIATOM OXYGEN ISOTOPE PROXY
Hal W. Hackett, MS
Department of Geology and Environmental Geosciences
Northern Illinois University, 2016
Justin P. Dodd, Director
Oxygen isotope measurements (18O) provide valuable insight into climate
conditions. These data are advantageous as paleoclimate proxies, but records are sparse in
high-latitude waters, where calcareous microfossils are poorly preserved in marine
sediments. Over glacial time scales, high-latitude regions likely have the widest variability in
terms of the 18O values of marine waters; therefore, the paucity of data in these regions
greatly hinders our ability to reconstruct global climatic and environmental change. This
research is motivated to investigate Southern Ocean diatoms as a way to begin filling the gap
in our knowledge. Diatoms are a cosmopolitan group of siliceous phytoplankton with
characteristic ecological affinities. Diatom silica is increasingly being analyzed as a 18O
archive, and has the potential to provide comparable data to 18O variations recorded by
benthic foraminifera, but to date, studies have focused on Holocene sediments. This thesis
presents oxygen isotope values from Early Pliocene Ross Sea diatoms, assessment of
purification procedures, and implications for paleoclimate and the history of the West
Antarctic Ice Sheet. ANDRILL AND-1B is a 13 Ma record from the Antarctic Geologic

Drilling Project in the Ross Sea that provides Lower to Mid-Pliocene diatomite units. The
context provided by age models and paleoenvironmental studies, along with more
geologically recent Southern Ocean diatom 18O measurements, make AND-1B an ideal
dataset for further exploring the use of diatom 18O values as a record of changes in salinity
and temperature in high-latitude seawater. Samples were purified, geochemically and
mineralogically assessed using X-ray diffraction (e.g., identification of amorphous opal-A vs.
mineral contamination) and X-ray fluorescence (e.g., elemental quantification of clay
contamination), then analyzed for 18O values using a step-wise fluorination (SWF) – CO2
laser heating technique and a Thermo MAT 253 isotope ratio mass spectrometer. Correction
methods based on different assumptions place constraints on true diatom 18O values, with
margins of error dependent on final sample purity. The results are intermediate between
Holocene Antarctic diatom 18O studies, indicating that diatom 18O values can remain
largely or entirely unaltered for at least 4.5 Ma. Interpreting these values through the current
paleotemperature model, with the contingent paleoenvironmental constraints afforded by
AND-1B, suggests water 18O values offset about -10‰ relative to today’s ocean. Stacked
benthic foraminifera 18O values for the Pliocene suggest an ocean average less than 1‰
different than the present; therefore, this points to a strong component of glacial water in a
warmer, fresher Pliocene Ross Sea.
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GENERAL INTRODUCTION
The history of oxygen isotope ratio (δ18O) variation in seawater is a topic of great interest
to the paleoclimatology and paleoceanography communities (e.g., Rohling 2013). Due to the
isotopic depletion of 18O in high-latitude precipitation, relative to the more abundant and lighter
16

O, the primary driver of change in global marine δ18O values is the advance and retreat of polar

ice caps (Shackleton and Opdyke 1973). Marine organisms preserving an understood isotopic
reflection of their environmental conditions are highly useful as paleoclimate proxies. Wellunderstood marine oxygen isotope proxies have been established for many ocean environments.
Unfortunately, the best understood marine isotope proxies, including benthic
foraminifera, are uncommon in high-latitude sediments, where carbonate minerals are less
chemically stable. The scarcity of carbonates in high-latitude marine sediments is significant in
that the global marine oxygen isotope dataset lacks coverage near the polar ice caps (Bigg and
Rohling 1999). Multiseasonal melting events and polar ice mass balance asymmetries cannot be
investigated; this limits our ability to understand the data system as a whole and explain discords
between models and proxies (Raymo et al., 2006).Well-developed oxygen isotope records for
high latitudes could record asymmetries in mass balance, and likely advance our understanding
of how melting ice caps interact with the wider ocean. Diatoms are increasingly being explored
as a proxy for 18O variations; the primary goal of this study is to assess the utility of δ18O values
reconstructed from Pliocene-age diatom frustules from a Ross Sea sediment core. This has the
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potential to improve the spatial coverage of marine 18O proxy data and narrow the gap in our
understanding of glacial time scale high latitude oxygen isotope dynamics.
Background
A broader motive for this study is the destabilizing threat climate change poses to human
civilization. Up to 70 m of sea level rise could result from global deglaciation, of which the West
Antarctic Ice Sheet (WAIS) represents 3-5 m (Mercer 1978; Bamber et al., 2009). Unlike other
large ice reservoirs, most of the WAIS is grounded below current sea level and much of it rests
downslope of current grounding zones, which makes it especially climatically vulnerable (Pattyn
et al., 2006; Vaughan 2008). Studies of the WAIS in the geologic past indicate its potential to
retreat and collapse on glacial time scales (e.g., Scherer et al., 1998; Naish et al., 2007; Barnes
and Hillenbrand, 2010; Cofaigh 2011), and recent research suggests a collapse event is currently
in progress (Purkey and Johnson 2013; Joughin et al., 2014; Rignot et al., 2014; Mouginot et al.,
2014).
Climate systems models are refined by testing their ability to match past conditions, as
reconstructed by empirical and proxy methods; segments of geologic time with analogies for
future conditions are especially interesting as they can shed light on processes operating in
warmer climate regimes (e.g. Haywood and Valdes 2004). Atmospheric CO2 levels >350 ppm
have not been a long-term normal since the Early Pliocene, making this period of Earth history a
more potentially practical analog than more recent warm periods (Pagani et al., 2009; Seki et al.,
2010). During the Pliocene, sea level was 12-25 m higher, and there is evidence for a greatly
reduced, or even absent, WAIS (Miller et al., 2012; Pollard et al., 2015). Understanding how
West Antarctica glaciates and deglaciates, in context with the rest of the global climate system, is
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an important waypoint toward understanding the climate of the future. Ultimately, this research
fits into broader goals to improve the spatial distribution of proxy records of global variations in
the δ18O values of ocean water and to move toward an integrated global marine dataset that will
deepen our understanding of the Early Pliocene climate system as an analog for future
greenhouse warming.

Geologic Setting
The Southern Ocean is the site of perhaps as much as half of worldwide biogenic silica
production (DeMaster 2002). Rich diatomite deposits surrounding Antarctica are well positioned
to provide proxy data related to ice sheet dynamics. Understanding 18O variations from
Southern Ocean diatoms could provide extensive paleoenvironmental coverage for this region,
and would further develop diatom isotope tools for similar high-latitude waters.
The AND-1B core from the Antarctic Geological Drilling program (ANDRILL)
represents the past ~13 Ma, in a ~1280 meter-long record from McMurdo Sound in the Ross Sea
with ~98% recovery. As a sedimentary record from a rift-zone flexural moat surrounded by Late
Neogene volcanoes, it is the longest, most complete Antarctic drillcore to date (Krissek et al.,
2007). Since it is near the margin of the present-day Ross Ice Sheet, it documents WAIS
behavior, such as the Mid-Pleistocene paleoclimate transition (e.g., Powell et al., 2007;
Sjunneskog and Winter 2012). For the Early Pliocene, sediment and diatom proxies indicate a
greatly reduced areal extent for the West Antarctic Ice Sheet. Diatomite deposits show that openmarine diatom-productive conditions prevailed as far south as the interior Ross Sea several times
in the Late Neogene (Naish et al., 2009; Winter et al., 2010; Konfirst et al., 2011). The high
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purity and paleoenvironmental applications of the Pliocene AND-1B diatomites make them an
ideal target for this study (Konfirst et al., 2012; Konfirst and Scherer 2012; Winter et al., 2012).
A biostratigraphic age model places a “subunit,” or chronostratigraphic interval, of
diatomite within an ~80 m, chronostratigraphically discontinuous unit covering much of the
Lower Pliocene (Konfirst et al., 2011; Cody et al., 2012). Paleoenvironmental assemblage
analyses indicate highly productive open-ocean environments during this time (3.44-4.68 Ma;
Winter et al., 2012; Sjunneskog and Winter 2012). These findings support models for Early to
Mid-Pliocene West Antarctica with wet-based terrestrial glaciation and reduced seasonal sea ice
(e.g., Pollard and DeConto 2009). During this time, global climate variations were driven by
obliquity, an orbital parameter with a ~40ky period, as opposed to ~20ky orbital precession,
which has dominated benthic 18O variations since the Mid-Pleistocene (Lisiecki and Raymo
2005).

Oxygen Isotope Systematics
The ratio of 18O to the lighter and much more abundant 16O is often reported as the
normalized ratio of 18O/16O in a sample (18O/16O x) relative to a standard (18O/16O std) in delta
notation (δ18O) given by the following equation:
δ18O = (18O/16O x/18O/16O std – 1) x 1000
Variations in the 18O/16O ratio throughout the earth system are in response to kinetic and
equilibrium fractionation effects (Epstein and Mayeda 1953). For example, condensation is a
kinetic process that progressively removes the heavier 18O from water vapor, a process known as
Rayleigh distillation (Kirshenbaum 1951). Most of the ocean is nearly homogeneous in terms of
18O values, and the international standard Vienna Standard Mean Ocean Water (VSMOW),
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widely used in oxygen isotope studies and oceanography, has a zero value closely corresponding
to the present average marine value (Craig 1961; Muehlenbachs and Clayton 1976; Gonfiantini
1978). All 18O data pertaining to this study are reported with respect to VSMOW.
The selective removal of 18O as an air mass moves toward higher latitudes results in a
fractionation or change in 18O/16O ratio of precipitation, such that the international standard
SLAP2 (Standard Light Antarctic Precipitation 2) is depleted by -55.5‰ relative to VSMOW
(Gröning et al., 2007). As a result of this Rayleigh distillation, changes in the ice volume in polar
regions are the primary driver of change in the 18O value of the ocean over glacial time scales
(Dansgaard 1964; Zachos et al., 2001).
Minerals (i.e., carbonate and biogenic silica) that are precipitated by marine organisms
reflect both kinetic and equilibrium effects; however, if these effects can be calibrated through
culture and/or experimental studies, the δ18O values of these minerals may be used to reconstruct
the δ18O values and the temperature of the water in which the minerals form (e.g., Weber and
Woodhead 1970; Grossman 1984; Grossman and Ku 1986). Benthic foraminifera have been
extensively used for this purpose in oceanographic studies (e.g., Shackleton and Opdyke 1973;
Lisiecki and Raymo 2005). Oxygen isotope records from benthic foraminifera, which live in
conditions where water temperatures change little, have been integrated (“stacked”) across many
temporally overlapping intervals (Zachos et al., 2001; Lisiecki and Raymo 2005; Figure 1). The
“benthic stack” reflects the average marine δ18O value for the past 5.2 Ma and provides a
paleoceanographic “type section” for global-scale climate variations (Alley 2003; Lisiecki and
Raymo 2005). However, due to the increased solubility and poor preservation of calcium
carbonate in colder waters, the benthic stack, and other marine 18O data, is deficient in records
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from high latitudes, where the variations are driven (see database compiled by Schmidt et al.,
1999, at <data.giss.nasa.gov/o18data>). Oxygen isotope records from these regions will advance
the story told by the global dataset.

Figure 1: Drill locations comprising the “LR04 benthic stack.” After Lisiecki and Raymo (2005).

18O values from diatoms, a group of siliceous phytoplankton present in nearly all photic
waters, are increasingly being used as proxies for paleoclimate (e.g., Juillet-Leclerc and Labeyrie
1987; Matheney and Knauth 1989; Shemesh et al., 1992; Brandriss et al., 1998; Swann and Leng
2009; Dodd and Sharp 2010; Chapligin et al., 2011). Pleistocene and Holocene marine sediments
have shown significant promise in this regard. Shemesh et al. (1992) reported diatom 18O
values between 42‰ and 44‰ (VSMOW) from Late Pleistocene sediments around the Atlantic
sector of the modern Southern Polar Front (51°59’ S). Berg et al. (2010) found coastal Antarctic
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Holocene diatom 18O values varying between 32‰ and 42‰, with the greatest variation
associated with the climate transitions of 11kya. Pike et al. (2013) found variation between 38‰
and 44‰ from Pleistocene-Holocene sediments at IODP drill site 1098, offshore of the Antarctic
Peninsula. Here again, the greatest variation was associated with early Holocene meltwater
pulses.
As per the paleotemperature model put forth by Juillet-Leclerc and Labeyrie (1987):
t = 11.03 – 2.03(δ18Odiatom – δ18Owater – 40) - .2(δ18Odiatom – δ18Owater – 40)2
the dominant source of diatom 18O variation in marine diatoms seems to be a combination of
water 18O (which may be influenced by the 18O of local meltwater) and water temperature. As
long as the diatom silica is preserved as opal-A (as opposed to opal-CT), the 18O values of
marine diatoms are thought to retain a primary relationship between water temperature and 18O
(Juillet-Leclerc and Labeyrie 1987); however, it is unclear how robust this relationship is over
long periods of time. One study included two samples of Late Pliocene diatoms yielding δ18O
values 39‰ and 42‰ (Smith et al., 2015); however, to date, no systematic investigations have
targeted Pliocene or older sediments.

18O of Seawater in High-Latitude Seas
The Ross Sea is in a continental basin bordered on one side by the Transantarctic
Mountains and partially bordered opposite by Marie Byrd Land (Figure 2). On its marine side, it
meets the continental slope to the Southern Ocean. Though the Ross Sea is partly isolated from
circumpolar circulation by the topographic high of glacial terminations, Antarctic bottom water
enters the basin here and forms part of a stratified water column (e.g., MacAyeal 1984; Assmann
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et al., 2003; Budillon et al., 2003; Dinniman et al., 2011). In the Pliocene, however, the Ross Sea
appears to have had prevailing open-water conditions during diatom growth seasons; the
assemblage of diatom taxa more closely resembles that of today’s Polar Front than that of a
nearshore Antarctic environment (Winter et al., 2010). The oceanographic conditions of the Ross
Sea in modern times evidently bear little resemblance to those in the Pliocene (Pollard and
DeConto 2009). Unfortunately, the poor preservation of foraminifera and other carbonate
microfossils in the AND-1B core and sediments throughout the Ross Sea provide no direct
evidence of chronostratigraphic δ18O variations. Therefore, an account is given here of the
relationships between stratification, salinity, geography, depth, topography, and ice cover in
modern Arctic inland seaways without year-round sea ice.
High-latitude continental seaways have relatively low surface water 18O values,
corresponding to the influence of fresh meltwater and, typically, heavy seasonal storm
precipitation. Stratification generally results from the lower density of freshwater and the higher
density of brines produced by the formation and growth of nearby winter sea ice. Figure 3 shows
the distribution and geography of these seas about the Arctic. Table 1 compares their sizes,
latitudes, and surface water conditions.
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Figure 2: The geologic context of the AND-1B drill site. (Top) Antarctic bed elevation topography from
BEDMAP (Lythe and Vaughan 2001). (Bottom) Ice cover extent and elevation. Red circles indicate
ANDRILL AND-1B core site.
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Figure 3: Geographic map of the Arctic Ocean and adjoining continental seaways. Mean annual
input from the 11 largest rivers in km3/year with freshwater 18O values is indicated by red
wedges. After Bauch et al. (2010).

Area and depth information come from Encyclopedia Britannica online (2016). References are given for salinity, depth,
temperature, and oxygen isotope measurements; the months of sampling are given in the temperature column at the far right.

Table 1: Four Artic Seaway Regions and Modern Antarctic Ross and Weddell Seas.
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Antarctic precipitation, the original source of freshwater in the Ross Sea, is the most
depleted precipitation on earth, currently as low as –55‰ in the continental interior, while
coastal values closely compare to ~ –25‰ in Greenland (Gonfiantini 1978; Dahe et al., 1994).
Due to the principles of Rayleigh distillation and the fact that Antarctica is situated over the
South Pole, we should expect very low δ18O values in regional precipitation into the past;
however, the range of δ18O values could vary significantly over glacial time scales. Near Vostok
Station, for example, precipitation 18O values vary <0.7‰ spatially, but <10‰ temporally over
the last 400 ka (–60‰ to –50‰ VSMOW; Ekaykin et al., 2002). An open Pliocene Ross Sea
would likely have received some of the most depleted input freshwater on Earth at that time, and
would have had surface water 18O values controlled by the balance between residence time
(from local stratification, circulation, and oceanic mixing) and variable meltwater flux (from
terrestrial input and the melting of winter sea ice, as mediated by climate change). At depth, 18O
values would have been controlled by the amount and retention of dense, isotopically light brine
generated by rejection from winter sea ice formation.
The Bering Sea represents a relatively large area (>2,000,000 km2) with surface water
freshened and depleted in 18O by input from the adjacent North American and Eurasian
continents. Additional enclosure and meltwater is provided by the Aleutian Island chain. The
southern half of the Bering Sea is over oceanic crust, reaching depths in excess of 4 km. The
northern half is less than 200 meters. The dominant flow of water is from the Pacific into the
Arctic Ocean via the Bering Strait (Encyclopedia Britannica 2016). Despite this, even the deep,
southern portion displays strong stratification at the surface (Figure 4; Cooper et al., 1997;
Cooper et al., 1999 in Schmidt et al., 1999).
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Figure 4: Mixing, salinity, and δ18O data in the Bering Sea. “Shallow” points in left column were
selected from 60° N to 65° N latitude; “deep” points were from 53° N to 60° N latitude
precipitation. Data from Cooper et al. (1997) and Cooper et al. (1999), in Schmidt et al. (1999).
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The Barents Sea is north of Russia, between Scandinavia, Svalbard, Franz Joseph Land, and the
mountain archipelago Novaya Zemlya. In size and latitude it bears the closest resemblance to the modern
Ross Sea of any Arctic seaway. However, it is much shallower, with a mean depth of about 220 m.
Although it retains a layer of fresher water at the surface, its depth profile is dominated by the influence
of rejected brines, and surface water 18O shows little to no depletion relative to the ocean (Figure 5;
Ferronskii et al., 1978; Brezgunov et al., 1983). This shows the effect of the immediately adjacent Arctic
Ocean, which forms a polar-centric locus of marine brine rejection. This is in contrast to the opposite
effect that the Antarctic continent would have as the world’s largest reservoir of terrestrial ice. The
Barents Sea exemplifies this oceanographic contrast.
The Kara Sea is on the other side of Novaya Zemlya, and thus is greatly insulated from direct
mixing with Arctic brines. Surface water here achieves the lowest salinities and 18O values of any Arctic
seaway; however, this is due to its especially shallow depth and the high volumes of input it receives from
Siberian rivers. The data available from Bauch et al. (2002) were targeting the estuarine area where the
Ob and Yenisey Rivers enter; as a result, they do not represent the areas further west, where the Kara Sea
is most self-contained, or north, where it experiences mixing with the Arctic. Nevertheless, this region
shows prominently the conditions that would occur in a shallow, drainage-proximal region of an ice-free
Ross Sea
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Figure 5: Kara Sea and Barents Sea mixing, salinity, and 18O data. Data from Ferronskii et al.
(1978), Brezgunov et al. (1983), Ostlund and Grall (1993), and Risebrobakken et al. (2003), in
Schmidt et al. (1999).
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The critical difference between Baffin Bay and the Ross Sea is oceanographic. It is
completely enclosed on its two long sides, receiving huge amounts of freshwater from
Canada’s vast northeastern drainage network. Baffin Bay receives much of its input
precipitation still frozen and is too cold to be the ideal analogue, rarely reaching 3°C. The
seasonal sea ice behavior is complicated by the unusual topography, the relatively warm
West Greenland Current, and cold, salty, dense, deeper Arctic Ocean input (Rudels 1987).
Biological productivity is stifled relative to what we see in the AND-1B diatomites. Sea ice
extent is highly climate sensitive, in contrast to the hundreds of thousands of years of
stability shown for the Pliocene Ross Sea. The water temperature/salinity/18O profiles are
unique. These differences mean that Baffin Bay may be most useful by way of contrast, or as
a guide to Ross Sea behavior during times of transition.
The southern portion of Baffin Bay, Davis Strait (Figure 6), between Greenland and
Labrador Island, has more parallels for the Pliocene Ross Sea. It is similarly enclosed, has
similar depth profiles, somewhat colder temperatures, and maintains a combination of winter
sea ice cover and year-round open waters (Wang et al., 1994; Tang et al., 2004). Over the
summer, water is warmed and ice is melted, beginning in the east, by the entry of the West
Greenland Current, which stabilizes summer climate as it flows up the Greenland coast
before turning and flowing south along Canada. Inner basins are 2 to 3 times as deep as the
Ross Sea, mainly serving as reservoirs for cold, salty Arctic water, which enters in pulses
over century- to millennial time scales (Tang et al., 2004).
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Figure 6: Davis Strait (southern Baffin Bay) salinity and 18O data. Sea ice melting begins
on the Greenland side and moves northwest over the summer. This results in two distinct
temperature profiles among sample sites. 18O reflects the regional divergence. Salinity,
which equilibrates faster, shows less distinction. Data of Tan and Strain (1980), in Schmidt et
al., (1999).
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Summary
A dataset of oxygen isotope variations from Southern Ocean diatoms would
strengthen our understanding of the history of oxygen isotope distribution through climate
processes. The first goal of this research was to test our ability to obtain pure biogenic silica
from older, Pliocene-age sediments where diatom frustules are deeply buried and heavily
fragmented by stratigraphic compaction. The next goal was to evaluate their potential to
retain their original 18O values, then to construct a Pliocene time series of proxy oxygen
isotope values from the Ross Sea. A chronostratigraphic window from an AND-1B diatomite
unit provided the best available opportunity. This chapter presented the context and
motivation for this study.
The 18O values presented in the following chapter test the application of diatom
purification and oxygen isotope analytic methods to Pliocene-age marine diatomites. Focus is
on a) sampling, purification, and correction procedures and b) how such methods can recover
oxygen isotope data from older, fragmented Southern Ocean diatoms. These data are then
applied to the context of Pliocene paleoenvironmental diatom studies, Antarctic marine
oxygen isotope studies on more modern diatoms, and the most established diatom oxygen
isotope paleotemperature model. Finally, Chapter Three discusses questions that still need
answered and steps future studies could take for refining the study of oxygen isotope ratios in
high-latitude diatomites.
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A NEW APPLICATION OF THE DIATOM OXYGEN ISOTOPE
PROXY
Introduction
This chapter first describes the methods used in this study 1) to isolate diatom frustules
from Early Pliocene Antarctic sediments, and 2) to assess the impacts of sample purity on
oxygen isotope (δ18O) variations in the diatom silica, as well as the preservation of primary opal
from 4.5 Mya. Then, this chapter evaluates the paleoclimate implications of these new data by
examining them with available paleoenvironmental research through the paleotemperature model
of Juillet-Leclerc and Labeyrie (1987).
Silicate minerals (e.g., clay, tephra) are often found in varying quantities in marine
sediments. These minerals have δ18O values that are markedly different from those of biogenic
silica (difference >10‰), and can affect the measured values in proportion to their abundance
(Morley et al., 2004). Since these minerals have physical and chemical properties similar to
biogenic silica, separation of these minerals and purification of biogenic silica presents a
significant challenge, particularly in older marine sediments and where frustules are fragmented.
In some sediments, purification of 100% biogenic silica is virtually impossible; however,
chemical and mineralogical characterization of the contaminating silicate(s) can be used to
correct the measured δ18O value of the biogenic silica (Chapligin et al., 2012; Wilson et al.,
2014).
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Additionally, dissolution-reprecipitation can allow isotopes to exchange, altering primary
18O values, and diagenetic transitions in the sediment often lead to secondary precipitation of
opal-CT (e.g., Hesse and Schacht, 2011). Diatoms grow their frustules out of structurally
amorphous opal-A, with a strong vital preference for 18O. The δ18O value of the biogenic silica
varies with temperature and 18O of the growth water (Juillet-Leclerc and Labeyrie, 1987;
Ehrlich et al., 2010). Through dissolution and reprecipitation, diatomite deposits often contain
authigenic opal-CT, a semi-crystalline form of hydrated SiO2. The water column is generally
undersaturated in silicic acid due to the uptake of living siliceous organisms. Consequently, postmortem opal-A in the water column is highly disposed to dissolution; only a few percent is
typically buried (DeMaster 2002). Pore water, however, quickly approaches silica saturation
(Ehrlich et al., 2010). Over space and time, as sedimentary water chemistry fluctuates about the
silica saturation threshold, dissolution and precipitation become complementary processes.
Early in diagenesis, opal-A progressively dissolves and reprecipitates into a semi-ordered
mineral structure, characterized by alternately stacking sequences of silica polymorphs
cristobalite and tridymite (Kastner et al., 1977; Chang and Yortsos 1994; Rice et al., 1995;
Guthrie et al., 1995; Lee 2007). “Opal-CT” forms in kinetic equilibrium as nodular lepispheres.
These grow together into casts, fill pore spaces, and generate lenses as permitted by solubility
conditions (Murata et al., 1977; Botz and Bohrmann 1991; Ishii et al., 2011). This process
happens more quickly in alkaline conditions, in river deltas, in sediments very low in clay
minerals, and in waters poor in metal oxides (Kastner et al., 1977; Murata et al., 1977;
Michalopoulos and Aller 2004; Ishii et al., 2011). The transition most commonly takes place
with hundreds of meters burial depth; however, Botz and Bohrmann (1991) report porcellainite
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lenses in shallow Southern Ocean Plio-Pleistocene diatomite deposits. These lenses were
probably precipitated in the Pleistocene over glacial time scales, as silica solubility variations
propagated through circumpolar pore waters. Silicic acid 18O will vary from source to source,
especially depending on how much of it dissolves from isotopically heavier particles such as
diatoms. Lower latitude studies (e.g., Murata et al., 1977) have found reduced 18O in opal-CT.
However, the opal-CT values of Botz and Bohrmann are from highly pure diatomites; their
silicic acid was likely sourced from the diatoms, with very little clay buffering. As a result, opalCT values fall between 40‰ and 45‰, slightly higher than typical Southern Ocean diatoms.
In order to test the applicability of published purification processes used in Holocene and
recent sediments, this research targets a well-studied interval of the AND-1B core. The chemical
purity and mineralogy of purified biogenic silica samples were tested with X-ray diffraction, Xray fluorescence, and scanning electron microscopy.
After δ18O analysis, two correction methods were used to assess and account for the
effects of the contaminants on measured 18O values: linear regression and mass balance
(Chapligin et al. 2012). The linear regression is used to tune the average 18O value of the clay,
an uncertain variable in the mass balance calculation. Two different versions of the mass balance
method were employed, using Al and K as clay tracers. As these three methods make different
assumptions about the contaminants, the difference between them is proportional to the level of
contamination (R2 = 0.96), with significant discord (1.1‰ and 3.7‰) apparent for the two least
pure samples.
The assumptions of linear regression are expected to result in overcorrection, whereas the
assumptions of the traditional, Al-based mass balance method evidently result in undercorrection
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(the two least pure samples are not corrected to the same range as the others). The corrections
were combined using the geometric mean, beginning with K mass balance and Al mass balance;
then “unified mass balance” was combined with linear regression. Associated uncertainty is
accounted for by using the offset between the linear regression correction and the unified mass
balance correction as a margin of error. This research is the first study of diatom oxygen isotope
values to present margins of error for corrected diatom 18O values.
These values, if primary, indicate a significantly fresher and/or warmer Ross Sea during
the Early Pliocene. These data are discussed and interpreted with respect to the most established
paleotemperature model and published δ18O values for Southern Ocean diatoms, in light of
paleoenvironmental indications for the Pliocene Antarctic cryosphere.

Methods
Sampling

AND-1B provides ~80 meters of lithostratigraphically uninterrupted diatomite in the
Early to Mid-Pliocene (Krissek et al., 2007). Konfirst et al. (2011, 2012) identified five
chronostratigraphic intervals and correlated an age model to the LR04 benthic foraminifera 18O
stack (Lisiecki and Raymo 2005), showing orbitally paced climate variations from diatom
assemblages and sedimentation patterns. Winter et al. (2010) provided detailed
paleoenvironmental assemblage analyses.
One of the primary concerns for developing a diatom δ18O proxy from the AND-1B
sediments is purification (e.g., removal of clay and siliceous sediment) of the diatom frustules
prior to isotope analyses. In order to develop a record of δ18O variation with a high level of
precision, isotope analyses must be conducted on nearly pure (>95%) diatom silica. Other
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siliceous microfossils (e.g., silicoflagellates, sponge spicules, crysophycean spores) are nearly
impossible to physically separate from diatom silica and may record variable δ18O values.
Although these biogenic silica contaminants are present in significant numbers in some sections
of the core, they are markedly absent from Subunit II. A consistent sedimentation rate was an
additional consideration. Subunit II was selected as the target interval, primarily because of the
lithologic homogeneity and relative scarcity of non-diatom biogenic silica within the unit.
Additionally, the base contains a tephra layer of McMurdo Volcanic Group origin, providing a
reference point for the X-ray diffraction spectrum of the tephra end-member in the contamination
assessment. In total, Subunit II contains ~15 m of sediment representing ~160ky (4.34-4.50 Ma;
Konfirst et al., 2011; Figure 7).
A total of 16 samples were analyzed between 440 and 455 meters below sea floor (mbsf)
and identified by their core depths (e.g., 440.78). Raw sediment samples were purified for
isotope analysis using methods adapted from Chapligin et al. (2012). Throughout the purification
process, changing sample composition was evaluated using light and scanning electron
microscopy (SEM). Final chemical purity was assessed using X-ray fluorescence (XRF), and
mineralogy of the biogenic opal using X-ray diffraction (XRD). Ultimately, 10 samples were
analyzed. The physical, chemical, and isotopic variability, and potential use of δ18O values as a
paleoceanographic proxy, are reported below.
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Figure 7: ANDRILL AND-1B core lithology (after Krissek et al., 2007). The Pliocene diatomite
interval from 380 to 460 meters below sea floor was delineated into four chronostratigraphic
“subunits” and linked with an age model to the LR04 benthic foraminifera 18O stack by
Konfirst et al. (2011).
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Purification of Biogenic Silica

Purification methods were adapted after Morley et al. (2004) and Chapligin et al. (2012),
using chemical purification steps to eliminate carbonate, organic, and metallic matter, followed
by physical separation techniques to remove mineral “contaminants” (Figure 8).
“Contamination” can take the form of discrete sedimentary particles or micron-scale clay
particulates, which can be adsorbed to diatom detritus or electrostatically bonded inside pore
spaces such as diatom areolae. Although these samples were Pliocene in age and had minimal
carbonate and organic matter, the chemical bath treatments were still followed as described
below and served as a safeguard against any possibility of accidental organic contamination
between the Ross Sea and the laboratory.
After mechanical disaggregation through ultrasound, samples were immersed in
sequential overnight baths of H2O2 (30%) and HCl (15%) at room temperature to remove organic
matter and carbonates, respectively. To liberate diagenetically adsorbed particles, this was
followed with a bath of HNO3 (70%). Next, samples were thoroughly disaggregated using an
ultrasonic bath (< 30 minutes) and a vortex mixer.
Samples were centrifuged for 10-15 minutes at 2500 rpm in a heavy liquid, sodium
polytungstate. Traditionally, this liquid is used with a density between 2.1 and 2.5 g/mL to float
the biogenic silica and sink denser silicate minerals. However, most of the contamination here
came from micron-scale masses of clay (Figures 9 and 10). These contaminants have higher net
densities than pure diatom opal, but smaller particle sizes facilitate flocculation of clay minerals
at the surface that are highly resistant to settling. Experimenting with the lowest densities
possible for floating diatoms in sodium polytungstate found that a density between 2.03 and 2.08
g/mL floated the cleanest diatom fraction and contained relatively clean diatom fragments with
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fewer discrete contaminant particles. The sunken and suspended fractions were also dominantly
biogenic silica; however, they contained nearly all of the non-biogenic silica contaminants. Since
the ultimate goal is to produce >1mg of pure biogenic silica, the upper fraction with the highest
concentration of biogenic silica was retained for further analyses.

Figure 8: Purification procedure for separating siliceous microorganisms from fine sediments
(Morley et al., 2004; Brewer et al., 2007; Chapligin et al., 2012). Diatomites are sedimentary
layers with a major component of biosiliceous diatom frustules, in varying states of diagenesis.
After mechanical disaggregation, chemical treatments can eliminate non-silicate components and
liberate particles from one another. Ultrasonic treatments can break up large diatom particles and
further separate bound components. For physical separation, the density difference between pure
biogenic silica (~2.1 g/mL), other silicates (> 2.3 g/mL), and frustules weighted with bound
silicates, can be exploited by centrifuging in heavy liquids.
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Figure 9: SEM images of clean diatom frustules. With other detritus (upper left), fragments
showing fine-scale dissolution and the accumulation of clay and detritus in areolae (upper right),
and a representative assemblage of cleaned diatoms from Subunit II (bottom).
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Figure 10: Purified diatom samples in water after rinsing (left), and in sodium polytungstate
(right). The heavy liquid splits the sample into settled and floated fractions. Floated diatom
particles (upper right dashed box) were pipetted to produce sample material shown at left. Settled
diatom particles (left dashed box) were skimmed from the top for XRD, XRF, and 18O analysis.
The color gradient visible in both settled fractions corresponds with particle size and density. In
all three dashed boxes, purer and smaller biogenic silica particles are concentrated above, while
silt, clay, and contaminant-weighted biogenic silica particles are concentrated below.
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Traditionally, chemically cleaned samples would be sieved at 5 or 10 microns with
the goal of retaining most of the biogenic silica and reducing contamination from clay size
particles. However, this technique is most useful when diatoms are largely intact. The AND1B samples are partly dissolved and heavily fragmented, capturing clay particles in cavities
and concave surfaces. Sample material was sonicated heavily (>1 hr) with the goal of
fragmenting diatom particles as much as possible. This greatly increased the number of free
biogenic silica particles relative to denser particles, while reducing them in size from
typically 20-40 ųm to typically <10 ųm in diameter, with many particles under 5 ųm. After
rinsing and settling in water, the diatom particles with the lowest mean densities and highest
purity were concentrated in the top layers. Sample material with higher concentrations of
contaminant particles and contaminant-weighted diatom particles settled to the bottom of the
centrifuge tubes, both in sodium polytungstate and in water, as observed by Wilson et al.
(2014; Figure 10). Diatom frustules were pipetted from the float and settled again in water,
yielding final sample material from the upper layers.
Visual Purity Assessment

Visual inspection of purified diatom samples was conducted under a 100x light
microscope objective. Under plane-polarized light, biogenic silica is translucent in
appearance. Concentrations of particles may appear pale yellow or gray. Clay particles are
generally too small to resolve, but the larger tephra and mineral particles have much higher
refractive indices and can be distinguished.
Extensive additional visual inspection of the biogenic opal was conducted using via
scanning electron microscopy (SEM). Twenty to thirty discrete fields of view were analyzed
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for mounts prepared from each sample at zooms between 500x and 1,500x, with additional
close-ups. Diatom particles were typically fragmented to 5-20 ųm in diameter and retained
diagnostic biogenic structures. They were distinguished from rare quartz and feldspar
particles on the bases of size, morphology, and characteristic fracture patterns.
Morphological characteristics also set diatom fragments apart from silicoflagellates and
sponge spicules.
X-ray Diffraction

Mineral structure was evaluated using X-ray diffraction spectroscopy (XRD). Purified
diatom samples were analyzed at the University of Wisconsin at Oshkosh using a Rigaku Cu
X-Ray diffractometer from 15-55 degrees 2θ (Figure 11). These data were analyzed using
OriginPro software, which integrated under the curve of the opal-A spectrum. Areas of
peaks, which were chosen manually due to their often-negligible size in clean samples, were
mathematically subtracted from the area of the opal-A curve using Microsoft Excel. This
resulted in a semi-quantitative assessment, which confirms opal-A mineralogy and clarifies
the more quantitative assessment based on X-ray fluorescence.
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Figure 11: XRD spectrum for purified sample AND-1B 440.78 is shown here in the analysis
feature used in OriginPro. The software’s default vertical exaggeration was kept to highlight
prominent mineral peaks. The most prominent contaminant peak is attributed to potassiumbearing illite clay on the basis of a strong correlation to XRF-measured potassium counts (see
Figure 12). The locations of peaks visible in other samples are also indicated. Secondary
opal-CT refers to the semi-ordered cristobalite-tridymite mineralogy. This is associated with
increased spiking in the opal-A curve, which cannot be easily distinguished except in
prohibitive abundance. As a result, for this study, XRD seems to underestimate tephra and
should be seen as a semi-quantitative supporting method. The area calculated for each peak
is indicated by red outlines.
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X-ray Fluorescence

Even purified samples are not completely homogeneous; settled diatom material
frequently shows gradients in color, purity, and density (see Figure 10). To conserve sample,
and to measure the same material for purity and for δ18O values, this assessment needed to be
nondestructive. Traditional XRF measurements of powder samples or pressed pellets require
as much as 5g of sample. Individual purified biogenic samples in this study averaged 15-20
mg, and the largest was ~30 mg. XRF analyses provided by a handheld XRF “gun” were able
to nondestructively analyze these smaller sample sizes, but with an expected loss of
precision. Two strategies were employed to account for this imprecision. First, two published
interlaboratory diatom standards (SR2-1B, Dodd and Sharp, 2010; PS 1772-8, Chapligin et
al., 2011) were also analyzed and showed similar levels of contamination to many of the
samples in this study (1-5%). Second, calculated sample purity was compared with the
margin of error produced by the 18O correction strategy (described below); this comparison
yielded an R2 value of 0.96. Therefore, it is most likely that the effect of imprecision from the
XRF gun falls well within the margin of error provided by this study for its corrected diatom
18O values.
A Niton XL3t GOLDD+ XRF Analyzer was used at Beloit College. Analyses were
conducted on purified and unpurified material for 16 treated samples, 15 untreated, and interlaboratory diatom standards SR2-1B (Dodd and Sharp, 2010) and PS 1772-8 (Chapligin et
al., 2011). The XRF was able to detect concentrations in parts per million of elements silicon
(28AMU) and heavier.
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Oxygen Isotope Analyses

Purified diatom samples were ablated to O2 gas by reacting with BrF5 via CO2 laser
heating following the method of Dodd and Sharp (2010). “Prefluorination” was
accomplished by adding ~70 torr BrF5 to the evacuated chamber; this was allowed to react
for up to an hour, stripping away adsorbed atmospheric water, accessible opal water, and
hydrated clay water. This step removes interstitial water from residual clays and atmospheric
water sorbed to the opal surface. The chamber was then re-evacuated and the process was
repeated. Prefluorination was considered complete after seven repetitions, when the chamber
contents were no longer evidently reactive with the added BrF5 (liberated gas no longer
raised vacuum pressure), and the measured 18O values of internal diatom standards reached
a plateau within reproducibility (.29‰) of their known values. The analytical laboratory
standard was an internal reference gas, calibrated to international standard VSMOW using a
two-point correction from averaged analyses of interlaboratory quartz standards, Lausanne
quartzite (18O 18.16‰ VSMOW; n = 9) and NBS-28 sand (18O 9.57‰ VSMOW; n = 11).
Reproducibility was established through the analyses of these standards.

Results
Biogenic Silica Purity Assessment

High concentrations of Si are expected for quartz or opal, but purified samples also
had significant levels of Fe, Ti, Al, K, Ca, Cl, and S. Whereas a more traditional XRF
instrument would return data in weight-percent ratios of oxides, the Niton XL3T calculates
atomic ratios in parts per million. Taking the typical geochemical oxides (e.g., Wilson et al.
2014) allowed translation to the ratios of oxygen bound by those elements, as well as the
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amount bound by Si (both Si in silica and Si in clay). Clay minerals themselves are roughly
50-60% SiO2 (Meunier and Velde 2013), in the same range as the sub-alkaline andesitic
source for McMurdo Volcanic Group sediment (Pompilio et al., 2007). It was necessary to
estimate how much SiO2 corresponds to clay instead of to biogenic silica. The dominant nonopal mineral phase in the XRD data was the peak at 26.9 degrees 2θ. The area of this peak
correlated strongest with K counts as measured by XRF (Figure 12; R2 = 0.95). Illite is the
only clay mineral with high concentrations of K (Meunier and Velde 2013):
K0.65Al2.0[Al0.65Si3.35O10](OH)2
Based on the standard illite composition (above), the clay should have about five Si
atoms for every K atom. This assumes clay with 56% SiO2 by mass. For each sample, K ppm
were multiplied by five and included this quantity of SiO2 with the clay elements (FeO, TiO,
Al2O3, K2O, and CaO) instead of with silica. These “purity” ratios are expressed in percent

Major illite peak area
(XRD; %)

and given in Table 2 and Figure 13.
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Figure 12: Relationship between illite clay and K in AND-1B. X axis is K in ppm from the
Niton handheld XRF gun, with error bars as calculated by the instrument. Y axis is the area
of the largest mineral peak in XRD analyses. Y error bars are not used, because the analysis
of XRD data involved human interpretation near the threshold of instrumental capability and
these data are taken to be semi-quantitative.
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Figure 13: Calculated purity for treated sample and untreated sample XRF results, and semiquantitative XRD results for treated samples. At the far right are XRF results for two interlaboratory diatom standards. Note that for untreated samples, this does not correspond to
biogenic silica purity, as it includes fractions of quartz silt and other relatively massive
silicate particles. The green dashed line indicates the approximate cutoff for attaining highly
precise corrections. The orange dotted line indicates a zone in which somewhat less precise
corrections are attainable by this study’s methods, provided most samples are in the green
zone. Most samples must be in the green and orange zones in order to make sense of samples
less pure than this, but the corresponding margins of error will be wide.
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Table 2: Depth, age, purity data, measured and corrected 18O values and margins of error.
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The amorphous structure of opal-A produces a low bell-shaped XRD spectrum
beginning around 15° 2θ, peaking around 22°, and terminating gradually approaching 40
degrees (Figure 14). The opal-A peak was identified by reference to previous XRD opal
studies (Rice et al., 1995; Elzea and Rice, 1996; Lee 2007; Chapligin et al., 2012). All
samples showed the same opal-A curve at varying intensities. Most show one clear mineral
peak with one or two smaller mineral peaks. Two (445.25 and 450.55) showed only opal-A.
Four gave reduced, jagged opal-A curves with pronounced mineral peaks (Figure 15). The
18O values presented are for 10 of these 15 samples, including the two most pure samples
(see above) and two of the four least pure (450.73 and 454.79).

Figure 14: XRD spectra typical for opal-A containing a fraction of crystalline quartz (top),
Cristobalite-Tridymite-stacked opal-CT with a residual fraction of opal-A (middle), and
Cristobalite-form opal-C (bottom). Abundances are reflected in the areas under each
peak/curve; therefore, a sufficiently large crystalline fraction (even as a minority) will form a
taller peak than the diffusive curve cast by an amorphous substance such as opal-A. After
Elzea and Rice 1996.
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Figure 15: XRD spectra for purified samples followed one of three patterns, vertically
exaggerated in OriginPro software. Upper left shows the largest group, with one distinct
contaminant peak and one to two smaller peaks. Upper right shows two samples with only
biogenic silica detected. Lower left shows four poorly purified samples with reduced and
jagged amorphous opal peak (tephra) and pronounced mineral peaks (clay), one pronounced
contaminant peak and two to three distinct others. Lower right shows all three patterns
superimposed.
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A secondary silica peak at 34.8 degrees 2q could reflect CT-ordering from either opal
or tephra. However, it is most pronounced in the lowermost sample, 454.99, which was
dominated by sand-sized volcanic particles. Even after purification, this sample remained
about 15% tephra and provided a visual reference for tephra XRD spectra. Figure 16
compares it with the two least pure samples that have 18O data.

Figure 16: Clay and tephra contamination with diatom opal. (Top) Sample 454.99, from the
bottom of the subunit, was heavily composed of sand and silt-sized tephra particles. The
purified sample shown here remains about 15% contamination, largely tephra. The
prominence of the secondary CT peak indicates that CT ordering is a characteristic of
McMurdo Volcanic Group tephra. (Bottom) Samples 450.73 and 454.55 have large amounts
of clay as well as some tephra.
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Opal-A has an X-ray diffraction spectrum characterized by a long, low, slightly
asymmetrical bell curve centered around 22 degrees 2θ, a consequence of its disordered
molecular structure. Opal-CT produces a tall, steep cristobalite spike with a tridymite
shoulder, over the same apex. A secondary opal-CT peak resolves around 35 degrees 2θ. The
target interval for this study, 440-455 meters below sea floor, is initially about 40-60%
biogenic silica (Scopelliti et al., 2013). XRD suggests the trace presence of cristobalite
ordering, but since this is most strongly associated with the contaminated samples containing
tephra, it probably does not indicate opal-CT. When sediments form opal-CT, they do so in
lenses, beginning in places with the most biogenic silica relative to clay, not equitably down
core. There was no indication of opal-CT formation in either SEM or XRD data (Murata et
al., 1977; Botz and Bohrmann 1991; Ishii et al., 2011; Chapligin et al., 2012).
Due to the semi-quantitativeness of conducting XRD analyses without capturing the
full spectrum, the XRD purities seem to normally show about half as much contamination as
the XRF analyses. Some samples have additional disproportion between XRF and XRD
(440.78, 448.74, 450.73, 454.55), due to containing tephra as well. This tephra has a
distinctive jagged opal curve with some pseudo-opal peaks. Since the curve overlaps with
opal-A, however, tephra could only be indirectly assessed through its different isotopic
impacts on different correction methods (discussed later).
Other Opaline Microfossils

Three other groups of siliceous microfossils are present in AND-1B diatomites,
producing similar biogenic silica to diatoms, but in different environmental conditions and/or
manners of growth (Ehrlich et al., 2010). None have well-studied oxygen isotope
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fractionations. Chrysophyte cysts are occasionally found in some intervals. Compared to
diatoms, sponge spicules are larger, denser, and benthic, with longitudinal radial symmetry.
Silicoflagellates are simultaneously photosynthetic and heterotrophic zooplankton. This
study selected the diatomite interval containing the fewest biogenic silica contaminants after
Winter et al. (2010). Examining every sample under light and scanning electron microscopes
showed that other forms of biogenic silica contributed only a tiny fraction of the sample mass
(≪1%).
Oxygen Isotope Corrections

The ten uncorrected oxygen isotope values range from 27.16‰ to 35.99‰, with an
average mass spectrometer analytic error of .0295‰. Corrected values range from 33.5‰ to
36.2‰, averaging 34.6‰. Including two significantly less pure samples, the margin of error
derived from the correction process presented below averages 0.71; without them it averages
0.37. The margin of error on the correction process is therefore about one order of magnitude
larger than the instrumental error of the isotope analyses (average .0291‰). Table 1 (Chapter
1) presents these data alongside purity information and 18O values for each correction
method.
Two correction methods were employed after the review of Chapligin et al. (2012),
the linear regression method and the mass balance method. Two different versions of the
mass balance method were adapted, using Al and K as clay tracers. Al is typically used as a
clay tracer; K is typically used as a tracer for tephra (e.g., Wilson et al., 2014), but in AND1B diatomite it corresponds to clay as well.
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Linear regression is the less established of the two methods and is taken as the
starting point. Nevertheless, if contamination is at low, well-quantified levels and the
contamination has a homogeneous δ18O value, linear regression will produce highly accurate
corrections. Since marine diatoms have much higher 18O values than most fine sedimentary
components (~30‰-45‰ vs. ~0‰-15‰), there is a strong negative relationship between
measured 18O and percent contamination (Chapligin et al., 2012; Figure 17).
Uncorrected δ18O values of biogenic silica were strongly correlated with contaminant
levels (r2 = 0.91), with the slope of the line indicating an average rate of 0.34. This implies
that the net isotopic effect of these contaminants is slightly higher than 0.3‰ per 1% of
contamination. The Y intercept of the regression line makes a prediction of the average
contaminant 18O value (Figure 17). The two least pure samples have significant levels of
tephra as well as clay and therefore two mixed 18O values in the contaminant fraction.
Linear regression assumes the same 18O value for the whole contaminant.
The tephra most likely has a 18O value somewhere between 0‰ and 15‰ (Faure and
Mensing 2005). Clays form in kinetic equilibrium with the surrounding water. The dissolved
metal oxides that form clay minerals prefer 18O at a rate of 20-30‰, depending on
temperature and clay species (Faure and Mensing 2005). Usually this produces clay with
18O values that are higher than standard ocean water (0‰). In this case, the intercept of the
regression line indicates clay 18O near or slightly below 0‰. Tuning the mass balance
equations for maximum agreement with linear regression (R2 = 0.92 and 0.94 when omitting
the samples with tephra) also indicates clay 18O near zero. Because clay and tephra
contaminants are mixed in less pure samples, and the clay 18O value (~0‰) is most likely
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farther than the tephra 18O (0‰-15‰) from the diatom 18O (30‰-45‰), linear regression
is expected to overcorrect here.

Figure 17: The relationship between contamination and measured isotope values affords a
starting point for corrections. This figure also presents the measured isotope values with
instrumental error.

Whereas for the linear regression correction, contamination was estimated from
shares of oxygen based on all elements, mass balance approaches calculate purity by
reference to a single tracer (normally aluminum). Since Al and K both closely correspond to
the clay signature in the XRD spectra, mass balance calculations were adapted using each.

47

This technique is expected to undercorrect if one form of contamination has less of the tracer
than expected. Al mass balance is believed to undercorrect in this study, because it is less
abundant in tephra than in clay. It fails to bring the two least pure samples into the same
range as the rest, and its corrections are lower than the linear regression corrections in
proportion to the level of contamination (see Table 2). K mass balance was adapted to more
closely track both contaminants; the correlation of K XRF measurements to the area of the
largest XRD mineral peak is stronger than for any other element (R2 = 0.95), indicating that
K is the element most closely shared between the clay and the tephra (see Figure 12).
K mass balance is not an established method, but it is used in conjunction with the
other methods discussed here for the purposes of constraining their assumptions and
strengthening error assessment. Comparing K mass balance to linear regression shows that it
likely overcorrects at about the same rate as linear regression. Comparing it with Al mass
balance produces outliers that show the impact of the tephra in the least pure samples on the
accuracy of the Al mass balance. Eliminating these samples shows broad agreement between
the three corrections, which qualifies the accuracy of the XRF data (Figure 18). The
corrections are unified by taking the geometric mean; the offset between them is used to
account for the cumulative uncertainties of the correction strategy.
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Figure 18: Comparing and unifying correction methods. Outliers due to tephra are included
on the left and omitted on the right. Top row compares the mass balance correction based on
Al with the same correction based on K. Al does not track tephra, so it undercorrects these
samples. K tracks tephra, but this method attributes it to clay instead, resulting in possible
overcorrection. Second row compares Al mass balance with linear regression. Due to the
presence of tephra in the dirtiest samples, linear regression is likely to overcorrect, while Al
mass balance undercorrects.
Third row shows that the overcorrection of linear regression is on the same level as the
overcorrection of the K mass balance.
Bottom row compares linear regression with a unified mass balance correction. The unified
mass balance comes from taking the geometric mean of the comparison in Row A. Linear
regression may still overcorrect the outliers, while the unified mass balance still appears to
undercorrect. These are reconciled by taking the geometric mean and treating the difference
as the margin of error discussed below.
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Discussion
Juillet-Leclerc and Labeyrie (1987) were the first to present a marine calibration for
the temperature relationship between oxygen isotope values in biogenic silica and in the
ambient water. Their paleotemperature equation (t in °C) is given here:
𝑡 = 11.03 − 2.03(𝛿 18 𝑂𝑤𝑎𝑡𝑒𝑟 − 𝛿 18 𝑂𝑑𝑖𝑎𝑡𝑜𝑚 − 40) − 0.2(𝛿 18 𝑂𝑤𝑎𝑡𝑒𝑟 − 𝛿 18 𝑂𝑑𝑖𝑎𝑡𝑜𝑚 − 40)2
When this quadratic equation is rearranged to solve for 18Owater instead of for
temperature, it takes the following form:
𝛿 18 𝑂𝑤𝑎𝑡𝑒𝑟 = −

2.03 ± √(−2.03)2 − 4(−0.2)(11.03 − 𝑡)
+ 𝛿 18 𝑂𝑑𝑖𝑎𝑡𝑜𝑚 − 40
2(−0.2)

Published δ18O values of Southern Ocean diatom silica range between 32‰ – 43‰
(Juillet-Leclerc and Labeyrie 1987; Shemesh et al., 1992; Berg et al., 2010; Chapligin et al.,
2011; Pike et al., 2013). The low end of this range is believed to reflect high concentrations
of fresher, isotopically light meltwater and/or higher temperatures; most of the range is a
zone of trade-off with polar water of normal temperature and salinity (Figure 19).
Corrected 18O values for the 10 AND-1B diatom samples presented here fall
between 33‰ and 37‰, averaging 34‰, a range in between the Southern Ocean coastal
values from the diatoms of Berg et al. (2010; 32‰ to 42‰), and the few km offshore values
from the diatoms of Pike et al., (2013; 38‰ to 44‰, both Holocene). As they noted, these
values are consistent with the influence of substantial proportions of glacial melt water with
very low δ18O values (< -20‰), a typical phenomenon in high-latitude inland seaways
(Schmidt et al., 1999; Chapter One of this thesis).
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Figure 19: Interpreting diatom 18O. Top row shows corrected 18O values of diatom silica
with margins of error, plotted with respect to age (ky; Konfirst et al., 2011). Middle row
interprets the isotope values as water 18O, through the rearranged paleotemperature equation
of Juillet-Leclerc and Labeyrie (1987). Margins of error from above are included and
calculated with T = 5°C. Upper and lower temperature boundaries are included at 10°C and
0°C. Bottom row shows the LR04 benthic foraminifera isotope values through the same time
window, with an added axis at the right showing the difference from today.

Opal-A and Opal-CT

XRD revealed some evidence of quartz crystallinity; however, this is more probably
attributable to tephra than to opal-CT. It does not occur in intervals of relatively pure
diatomite, where opal-CT lenses would be expected to develop, but rather in sediment visibly
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darkened with clay- to silt-sized detritus, both to the naked eye and under the light
microscope. The peaks suggestive of quartz crystallinity are most pronounced in sample
454.99, from the bottom of the subunit, which, before purification, was dominated by sandsized volcanic glass particles. They are also pronounced in the two least pure analytical
samples, 450.73 and 454.55, which were not cleaned as effectively. When purified, these
samples were visibly darker in color and showed numerous silt-sized volcanic glass flecks
under light microscope. Their XRD profiles are distinguished both by high mineral peaks and
by spikiness in the amorphous silica curves (Figures 14, 17).
Contemporary Paleoenvironmental Indicators

This AND-1B diatomite subunit is dominated by Thalassionema nitzschioides
(<45%), a diatom taxon that is associated with the Polar Frontal Zone today, which achieves
maximum abundance at temperatures over 5°C (Winter et al., 2010). The presence of
Shinodiscus tetraoestrupii, the next most common diatom taxon (<32%), is interpreted as an
indication of stratified waters with temperatures reaching 5°C. Chrysophycean cysts and
Chaetoceros resting spores (<19%), consistently present but less common, are associated
with lower salinities and stratified waters. Stellarima microtrias is believed to suggest the
presence of somewhat colder waters (1°C to 2°C) and likely sea ice as well. Winter et al.
(2010) also explain the boundaries of the subunit as probably resulting from sea ice cover in
response to growth of the East Antarctic Ice Sheet. Small sand laminations throughout, too,
are interpreted as reflecting periods of nondeposition due to sea ice cover.
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Pliocene Paleoenvironmental Implications

A flux of isotopically light meltwater through the Pliocene Ross Sea could have a
dramatic impact on the salinity and 18O of water in the upper 10 meters, where most
phytoplankton grow. Generous temperature constraints of 0° C and 10° C bracket the 5° C
suggested by paleoenvironmental analysis of the diatom taxa (Winter et al., 2010).
Rearranging the paleotemperature equation of Juillet-Leclerc and Labeyrie to solve for water
δ18O values instead of temperature thus produces a zone of temperature-isotope covariance,
with water 18O values around -10‰ relative to today’s ocean values in a plausible range of
-14‰ to -7‰ (Figure 19).
This is consistent with the diatom paleoenvironmental data of Winter et al. (2010).
However, the amount of freshening implied in the surface waters of a sea as large and deep
as the Ross Sea is difficult to imagine. The Ross Sea could likely command meltwater more
depleted in 18O than the -15‰ to -20‰ typical of modern Arctic rivers; however, the only
place in the Arctic where marine 18O values of -10‰ are typical is the Kara Sea estuary
formed by the Ob and Yenisey Rivers (Cooper et al., 1997; Cooper et al., 1999). The Kara
Sea is much shallower than the Ross Sea and somewhat more insulated from ocean
circulation. Depending on the mobility of the water in the Pliocene Ross Sea, it is likely that
a meltwater flux on the order of >1,000 km3/year is implied (Bauch et al., 2010). I do not
find this inherently improbable; however, it suggests that we have further to go in
understanding high-latitude marine 18O dynamics.
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Summary
This chapter presented and discussed new evidence for Pliocene diatom 18O values
in the Ross Sea, as well as the relevant paleoceanographic conditions in high-latitude inland
seaways today and implications for Ross Sea paleotemperature and paleoclimate. Unaltered
Pliocene diatoms were harvested, purified, evaluated, and laser-fluorinated using established
methods. Irreducible impurities and methodological uncertainties were accounted for by
setting the assumptions of different correction methods against each other. The agreement
produced establishes the accuracy of the corrected isotope values and qualifies the precision
of the assessment and correction methods. Corrected 18O values are consistent with the
values found in other 18O studies of Southern Ocean diatoms, ranging between 33‰ and
37‰ VSMOW. Furthermore, as values coming from the margin of the Ross Sea, they are
intermediate between the 18O values reported for near-coastal Rauer Group (Prydz Bay)
diatoms (Berg et al., 2010) and farther offshore Antarctic Peninsula diatoms (Pike et al.,
2013), both Holocene. This confirms that diatom 18O can remain largely or entirely
unaltered for at least 4.5 Ma, and implies that it can continue to yield evidence of melting
events in Antarctic sediment records.
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GENERAL SUMMARY AND FUTURE WORK
Since our primary marine oxygen isotope dataset comes from mid-latitudes, our
understanding of global ice sheet dynamics is approximate. A fuller understanding of the
paleoceanographic “type section” is a significant research priority for the paleoclimate and
paleoceanography communities (Alley 2003; Lisiecki and Raymo 2005).
To that end, this study assessed and analyzed purified Lower Pliocene diatoms from
the AND-1B Ross Sea drillcore. X-ray diffraction was used to reveal the crystallinity and
diagenetic state of the diatom opal. X-ray fluorescence was used to quantify the amount of
chemical contamination remaining after purification. A correction process was adapted that
used different correction methods to account for each other’s collective uncertainties and
generate a margin of error.
Diatom oxygen isotope ratios 4.5 Ma are reported in the range of 33‰ to 37‰
(VSMOW). If these values record growth conditions, they cannot currently be explained by
temperature alone. A much fresher, isotopically lighter summer surface water layer (~-10‰)
is suggested, with warmth in the range of 5°C to 10°C. This scenario is consistent with the
paleoenvironmental data the diatoms provide, which suggest terrestrial wet-based glaciation,
minimal sea ice, and water temperatures as high as 5°C (Winter et al., 2010; Konfirst et al.,
2011; Konfirst et al., 2012; Konfirst and Scherer 2012). Modern Arctic high-latitude seas,
however, do not normally show this extreme degree of surface water 18O depletion;
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therefore, another possibility is that high-latitude marine diatoms record burial conditions
under the influence of intermediately 18O-depleted (~-10‰) brines.
These diatom 18O data show that high-latitude marine diatoms are isotopically
consistent over time and seem to preserve original conditions. Several important avenues are
presented for further research. First, diatoms from other AND-1B Pliocene diatomite
intervals should be analyzed. For example, although the interval termed “Subunit III” has
higher levels of non-diatom siliceous microfossils such as silicoflagellates, analyses of the
diatom assemblages present suggest larger environmental variation (Winter et al., 2010;
Konfirst et al., 2011). Future research should apply the increasing body of knowledge on the
mineralogy and diagenesis of opal-A to opal-CT to qualify the effects this transition can have
on 18O. The interpretation of this study was greatly aided by the pre-existing work of Berg
et al. (2010) and Pike et al. (2013) on Holocene Antarctic diatoms; therefore, it is proposed
that more diatoms should be collected and analyzed from a variety of geologic times, from
settings around the Antarctic, and, in particular, from circum-Arctic seas.
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